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Abstract

Previous research has shown that projected changes in the horizontal eddy length of
ascending anomalies likely drive subtropical changes in large-scale ascent during extreme precipitation
events (extreme ascent), which in turn strongly influence regional projections of extreme precipitation. Here
we present evidence that this eddy length eﬀect extends into the Northern Hemisphere extratropics during
the summer season. This is shown by analyzing output from a large ensemble of the Canadian Earth System
Model version 2 as well as models participating in the Coupled Model Intercomparison Project phase 5. As
found previously, the changes in eddy length are associated with changes in an eﬀective stability quantity
that combines dry and moist eﬀects. It is shown that the change of extreme ascent associated with a
projected change of eddy length agrees with expectations based on analysis of internal variability of
extreme ascent and eddy length during the historical period.
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Anomalous vertical motion of air during extreme precipitation events
(i.e., extreme ascent) is a key factor determining the amount of precipitation (i.e., the intensity) of the
event. Earlier studies have analyzed climate model simulations of global warming, showing that long-term
changes in extreme ascent strongly influence long-term changes in extreme precipitation intensity. Here we
present evidence that, over most of the Northern Hemisphere during the summer season, global warming
simulations produce long-term increases in the horizontal scale of extreme ascent (i.e., eddy length), which
in turn lead to widespread weakening of extreme ascent. This dynamical eﬀect is strong enough to produce
long-term decreases of extreme precipitation intensity over widespread regions. While this dynamical
eﬀect is apparent in all modern climate models, these models do not agree on the precise regions where
long-term decreases of summertime extreme precipitation intensity will occur. This is because warmer
temperatures produce widespread increases in atmospheric moisture, which favor more intense extreme
precipitation. The details of how this thermodynamic eﬀect combines with the dynamical eﬀect in particular
regions is not consistent across models.

1. Introduction
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Extreme precipitation during particular seasons is of great interest because the potential for flooding strongly
depends on the season. For example, the Bow River in Calgary typically reaches its peak level in June, due to
the timing of snowpack melt in the Rocky Mountains. Extreme precipitation in June 2013 coincided with this
peak river level, leading to the worst flooding in Alberta’s recorded history, and the second costliest disaster
in Canadian history (Milrad et al., 2015). Changes in the timing and amplitude of peak river level, as well as
seasonal changes in extreme precipitation, are crucial factors influencing the likelihood of such events recurring. In this study, we focus on one piece of this challenging problem: understanding projected changes in
boreal summertime extreme precipitation.
It is expected that rising temperatures will drive an increase in available moisture and thus an increase in
extreme precipitation intensity over most of the globe. This expectation has been established in global climate models (Kharin et al., 2007, 2013; O’Gorman & Schneider, 2009), regional climate models (Frei et al.,
2006; Rajczak & Schär, 2017), and cloud-resolving simulations over limited domains (Prein et al., 2016). At
the regional scale, however, long-term changes in large-scale vertical velocity during extreme precipitation events—that is, extreme ascent —can dominate over thermodynamic eﬀects. Long-term strengthening
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of extreme ascent favors more intense extreme precipitation, and weakening of extreme ascent favors
less intense extreme precipitation. This dynamical eﬀect produces regional extreme precipitation projections that can be much greater than or opposite to those expected from simple thermodynamic principles
(Pfahl et al., 2017).
Recent work has shed light on the physical mechanisms driving long-term changes in extreme ascent. Analyzing output from a large ensemble of the Canadian Earth System Model version 2 (CanESM2; Tandon et
al. 2018, hereafter referred to as T2018) found that changes in the horizontal length scale of ascending
anomalies—what we call eddy length—were likely responsible for projected changes in extreme ascent in
the subtropics. This is because as eddy length increases, the coupling between convection and the large-scale
circulation weakens, leading to weaker upward motion and less intense extreme precipitation (Nie &
Sobel, 2016).
Here we present evidence that, during the summer season, this eddy lengthening eﬀect extends into the
extratropics, leading to weakening of extreme ascent over most of the Northern Hemisphere (NH). This eﬀect
is apparent in both CanESM2 and in other models participating in the Coupled Model Intercomparison Project
phase 5 (CMIP5; Taylor et al., 2012). Where this dynamical eﬀect dominates over thermodynamic eﬀects, one
can expect a future decrease in summertime extreme precipitation intensity.

2. Methods
Most of the analysis in this study is performed using daily output from the 50-member large ensemble of CanESM2 covering the periods 1950–2005 (under historical forcings) and 2006–2100 (under the
high-emission RCP8.5 forcings). Additional details about these runs are provided in T2018. We confine our
analysis to 20-year epochs in the past (1981–2000) and the future (2081–2100).
For comparison, we have also performed analysis of 24 models participating in CMIP5 during the
same time periods and under the same forcing scenarios used in the CanESM2 analysis. The models included in our analysis are ACCESS1.0, ACCESS1.3, BCC-CSM1.1(m), BNU-ESM, CCSM4, CMCC-CESM,
CMCC-CM, CMCC-CMS, CNRM-CM5, CSIRO-Mk3.6.0, FGOALS-g2, GFDL-CM3, GFDL-ESM2G, GFDL-ESM2M,
IPSL-CM5A-LR, IPSL-CM5A-MR, IPSL-CM5B-LR, MIROC-ESM-CHEM, MIROC5, MPI-ESM-LR, MPI-ESM-MR,
MRI-CGCM3, MRI-ESM1, and NorESM1-M. These are all of the models that provided daily output for all of the
variables required in our analysis. For analysis involving averages across multiple CMIP5 models, computations were performed on the native grid of each model and then the results were interpolated to a standard 1∘
by 1∘ grid prior to taking the multimodel average. For models with multiple realizations, only the first realization is included in the multimodel average. Including alternate realizations in the multimodel average (Pfahl
et al., 2017) produces very similar changes in summertime extreme precipitation.
All of the analysis in this study is confined to the June-July-August (JJA) summer season. Unless otherwise
noted, JJA extreme precipitation in this study refers to the maximum daily precipitation during the 3-month
JJA period of a given year. Composite means are computed by averaging over all days on which JJA extreme
precipitation occurs. Fields calculated on days of extreme precipitation are generally indicated with a subscript
E , but when the field is computed at a representative pressure level (which we take to be 850 hPa in this study),
the field is indicated with a lowercase subscript e. An additional subscript 0 indicates that the field is composite
averaged over the historical period. Climatic changes are computed by taking the epoch diﬀerence between
2081–2100 and 1981–2000. Following T2018, when normalizing with respect to temperature change, we
use the zonal mean climatic change in JJA mean surface air temperature at a given latitude. Saturation vapor
pressure is computed as in T2018, using equations (4.4.13) and (4.4.15) in Emanuel (1994).
Eddy length is computed exactly as in T2018, by taking the Euclidean norm of the zonal and meridional
e-folding distances of the vertical velocity anomaly field at each grid point and on each day of extreme precipitation. As shown in T2018, this technique produces eddy length values that are quantitatively comparable
to those obtained using Fourier transform techniques (Barnes & Hartmann, 2012; Frierson et al., 2006; Kidston
et al., 2010).
As noted above, much of our analysis is performed on fields at the 850-hPa level. This choice of vertical level is
motivated by the fact that most moisture is in the lower troposphere, and thus, the dynamical processes relevant for extreme precipitation are more clearly evident when examining the lower troposphere. This means
that some of our analysis excludes elevated regions like Tibet and Greenland. In the future, we plan to test
TANDON ET AL.
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diﬀerent techniques (e.g., interpolating to a terrain-following vertical coordinate) for investigating mechanisms of extreme precipitation change in
elevated regions.

3. Results
Figure 1a shows the projected climatic change in JJA extreme precipitation, 𝛿PE ∕PE0 . As found in Pfahl et al. (2017), there are regions along the
equator where the expected intensification of extreme precipitation is
especially strong, whereas in much of the subtropics, extreme precipitation intensity is expected to decrease. Similar features are also apparent
when analyzing all-time (rather than seasonal) extreme precipitation projections (Kharin et al., 2007, 2013; Pfahl et al., 2017; T2018). In contrast
to the all-time projections, however, CanESM2 projects a decrease of JJA
extreme precipitation over much of Europe and most of North America
(Figure 1a). The projected fractional changes in JJA extreme precipitation are similar when considering 10- and 20-year maxima of daily JJA
precipitation (Figure S1 in the supporting information). Similar changes
in extreme precipitation were obtained when analyzing just the month
of June (not shown), which is the month during which the 2013 Alberta
Floods occurred. As in T2018, qualitatively similar large-scale features are
apparent in individual realizations of CanESM2 (not shown) but with more
spatial noise.
These regional decreases in extreme precipitation intensity arise because
of changes in extreme ascent. One can see this clearly by computing
the climatic change in vertically integrated vertical moisture transport
Figure 1. (a) The composite mean climatic fractional change in JJA extreme
and linearly separating out the contribution due to changes in extreme
precipitation from the CanESM2 large ensemble. Climatic changes are
normalized by the zonal mean climatic change in JJA surface temperature.
ascent (Pfahl et al., 2017; T2018). This dynamical part of 𝛿PE ∕PE0 (Figure 1b,
(b) As in (a) for the dynamical part of JJA extreme precipitation change,
computed as in T2018) shows that changes in extreme ascent, on their
computed as in T2018.
own, would lead to decreases in JJA extreme precipitation over most land
regions. Over most of Asia, thermodynamic eﬀects overwhelm the dynamical contribution, leading to projected increases in JJA extreme precipitation (Pfahl et al., 2017). But over most
other land regions, the dynamical contribution dominates, leading to projected decreases of JJA extreme
precipitation. Most of the dynamically driven features in the subtropics are also apparent in all-time extreme
precipitation projections (Pfahl et al., 2017; T2018), so most of our analysis below focuses on the dynamically
driven features in the NH extratropics.
T2018 found that, in the subtropics, the dynamical part of 𝛿PE ∕PE0 likely results from changes in eddy length,
approximately obeying the relation
𝛿L2 𝛿Qe
𝛿𝜔e
−
≈ 2e −
,
(1)
𝜔e0
Qe0
Le0
where 𝜔 is the anomalous vertical velocity in pressure coordinates, L is eddy length, and Q is the anomalous
diabatic heating. (See section 2 for the precise meanings of the subscripts. Anomalies are computed with
respect to the monthly climatology during the relevant epoch.)
Equation (1) is derived from the quasigeostrophic omega (QG𝜔) equation, assuming that vertical velocity
disturbances are wavelike in the horizontal and parabolic in the vertical and assuming that diabatic heating dominates over horizontal advection. Because of the weak horizontal flow in the extratropics during the
summer, one expects diabatic heating to dominate over horizontal advection. (The supporting information
provides scaling analysis to support this argument, along with additional details regarding the derivation of
equation (1).) Thus, the expression used to explain subtropical changes in all-time extreme ascent (T2018)
also applies in the extratropics during the summer season.
T2018 interpreted equation (1) to mean that climatic weakening of extreme ascent (− 𝛿𝜔e ∕𝜔e0 > 0)
is driven primarily by a climatic increase of eddy length, and changes in diabatic heating
act to amplify the weakening of extreme ascent. Nie and Sobel (2016) and T2018 presented
TANDON ET AL.
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additional evidence of this specific chain of causality. In particular, Nie and
Sobel (2016) performed idealized experiments with single column models in which the eddy length of a synoptic-scale forcing was imposed. They
showed that, as the eddy length of the forcing is increased, the resulting accumulated precipitation decreases. One might argue instead that
changes in extreme ascent are associated with changes in the seasonal
mean circulation, and changes in eddy length are a consequence (not
a cause) of those changes. But T2018 showed that, outside of the deep
tropics, changes in the seasonal mean vertical velocity have a poor correspondence with changes in all-time extreme ascent, so this can be ruled
out as a general explanation. We have also found poor correspondence
between climatic changes in the JJA mean vertical velocity and changes
in JJA extreme ascent (not shown), and so the interpretation of equation
(1) used in T2018 is also applicable here.

Figure 2. The JJA composite mean climatic fractional changes of (a)
extreme ascent at 850 hPa (positive changes indicate weakening extreme
ascent), (b) square of the horizontal eddy length of extreme ascent at 850
hPa (L2e ), (c) 𝛿L2e ∕L2e0 combined with the negative of the estimated climatic
fractional change in diabatic heating at 850 hPa, and (d) eﬀective stability
averaged over 900 to 800 hPa. All computations are performed using output
from the CanESM2 large ensemble. For clarity, the changes in panel (b) are
multiplied by 3. Only latitudes north of 20∘ N are shown. Regions where the
pressure at the surface is less than 850 hPa are colored white.

Figure 2a shows the climatic change in JJA extreme ascent at 850 hPa. This
shows that there is climatic weakening of extreme ascent (− 𝛿𝜔e ∕𝜔e0 > 0)
throughout most of NH, with the expected qualitative correspondence
to the dynamical part of 𝛿PE ∕PE0 (Figure 1b). This weakening of extreme
ascent corresponds with widespread increases in eddy length (Figure 2b),
as we expect from equation (1). Compared to 𝛿L2e ∕L2e0 , the amplitude of
− 𝛿𝜔e ∕𝜔e0 is approximately 3 times larger, and this is because changes
in diabatic heating act to amplify changes in extreme ascent. Estimating
the change in diabatic heating as in T2018 (see their equation S25), we
find that the combination of the change in eddy length and the feedback
due to diabatic heating (Figure 2c) provides a strong explanation for the
changes in extreme ascent.
There are some regions, such as the subtropical North Pacific, where
the weakening of extreme ascent is spatially more widespread than the
increase in eddy length. We have tested applying spatial smoothing to the
vertical velocity field before calculating eddy length, and this did not substantially improve the correspondence between − 𝛿𝜔e ∕𝜔e0 and 𝛿L2e ∕L2e0 .
Thus, there is likely a physical explanation for this spatial extent contrast,
but elucidating the physical explanation requires more work.

As in T2018, we have considered additional eﬀects due to climatic changes in dry stability, horizontal advection, and tropopause height, and these did not improve our ability to explain changes in extreme ascent.
We have also examined changes in the seasonal mean vertical velocity, convective available potential energy
(CAPE), and convective boundary layer (CBL) height. While these may contribute to extreme ascent changes in
some regions, they do not show strong overall correspondence with changes in extreme ascent (not shown).
T2018 also reached this conclusion, and they included in their analysis figures showing climatic changes in
the seasonal mean vertical velocity, CAPE and CBL height.
As in T2018, we have found that climatic changes in eddy length are associated with changes in eﬀective
stability, which accounts for dry stability as well as latent heat release. Here we define eﬀective stability as
2
Nre

=

RTe 𝜕𝜃e
𝜕p
m 𝜃e [
RTe
𝜕𝜃e
pm 𝜃e
𝜕p

−p
−

−

𝜕𝜃e |
|
𝜕p |𝜃 ∗

]

re < 80%
re ≥ 80%

,

(2)

where R is the gas constant for dry air, T is temperature, p is pressure, pm is the pressure at the representative
level (in this case 850 hPa), 𝜃 is potential temperature, r is relative humidity (RH) on the model grid, and 𝜕∕𝜕p|𝜃∗
is the vertical derivative along a moist adiabat. This is identical to the formulation used in T2018 (which is
similar to that in O’Gorman, 2011), except that we have adopted a lower RH threshold. As found in T2018,
our results are not sensitive to the precise choice of RH threshold. T2018 provides additional discussion of
the physical motivation for this definition of eﬀective stability, as well as its relevance for eddy length. Their
discussion builds on earlier studies showing that climatic changes in static stability-related quantities can
explain changes in eddy length (Kidston et al., 2010; O’Gorman, 2011).
TANDON ET AL.
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2
2
Figure 2d shows that 𝛿Nre
∕Nre0
corresponds well with 𝛿L2e ∕L2e0 (Figure 2b), indicating that changes in eddy
length are indeed likely associated with changes in eﬀective stability. To gauge how changes in re are contributing, we have computed the change in eﬀective stability holding the composite mean re fixed at its
historical value. This is achieved by adding an adjustment of − 𝛿re to the RH field at 850 hPa on each day of
extreme precipitation when computing eﬀective stability during 2081–2100. Here 𝛿re is the spatially varying composite mean climatic change of re . The climatic changes in eﬀective stability for fixed RH (Figure S2)
are qualitatively similar to the unconstrained changes in eﬀective stability (Figure 2d). Changes in RH have
quantitative eﬀects, acting to amplify decreases in eﬀective stability.

This means that the changes in eﬀective stability can be qualitatively understood as the combined eﬀect of
changes in dry stability and moist stability, without having to consider changes in RH. Dry stability is expected
to increase with warming due to the decrease in the moist adiabatic lapse rate (e.g., Santer et al., 2005). On the
other hand, moist stability is expected to decrease because entrainment-related mixing becomes stronger in
a warmer world, which allows for greater buildup of moist convective instability (Singh & O’Gorman, 2013).
In drier regions, the eﬀective stability increases, reflecting the dominant eﬀect of increasing dry stability,
whereas in regions closer to saturation, the eﬀective stability decreases, reflecting the dominant eﬀect of
decreasing moist stability. T2018 found that changes in RH were crucial for understanding eﬀective stability
changes associated with all-time extreme precipitation events. Our results show that, for the summer season,
RH changes are not as crucial for understanding changes in eﬀective stability.
These findings regarding eﬀective stability provide a key physical link connecting warmer mean temperatures
with climatic changes in extreme ascent. That is, warmer temperatures produce well-understood changes in
dry and moist stability, which during summer project strongly onto eﬀective stability changes during extreme
precipitation events. Once this is established along with our interpretation of equation (1), then an overall
chain of causality emerges: warming temperatures drive changes in eﬀective stability, which drive changes
in eddy length, which drive changes in extreme ascent.
One might argue instead that changes in eﬀective stability influence extreme ascent entirely through convectively driven changes in diabatic heating, with changes in eddy length playing a negligible role. This is
plausible since eﬀective stability depends in part on moist stability. However, as mentioned above, climatic
changes of CAPE and CBL height have a poor correspondence with changes in extreme ascent (not shown).
Thus, changes in convective processes alone cannot explain changes in extreme ascent, and changes in eddy
length are a key physical link between changes in eﬀective stability and changes in extreme ascent. The combination of results presented above, along with the controlled experiments of Nie and Sobel (2016), provides
strong evidence of the role of eddy length in climatic changes of extreme ascent. Nonetheless, in future studies, additional controlled experiments are needed to more directly establish that climatic changes in eddy
length explain regional changes in extreme ascent. Until such experiments are performed, one should not
accept our proposed mechanism as completely certain.
A striking feature of Figure 2 is the degree to which changes in extreme ascent are amplified compared to
changes in eddy length. To gain additional insight into this amplification, we have examined in more detail the
relationship between extreme ascent and eddy length in specific regions during 1981–2000 and 2081–2100.
We have found that there is a clear relationship between eddy length and the statistical distribution of extreme
ascent. This is apparent in Figure 3, which shows the two-dimensional probability distributions of extreme
ascent versus eddy length squared during 1981–2000 JJA extreme precipitation events, computed over Eastern Europe (Figure 3a) and North America (Figure 3b), as bounded by the gray boxes in Figure 2a. Higher
values of eddy length are associated with weaker and more narrowly distributed values of extreme ascent. We
obtained qualitatively similar distributions (albeit with lower sample sizes) when examining individual grid
points over North America and Eastern Europe (not shown).
Eddy length squared has a skewed distribution, and its composite mean values (x coordinates of the circles) lie in the tails of the L2e distributions. This raises the possibility that climatic changes in eddy length are
not well captured by changes in the composite mean eddy length. However, we have tested computing climatic changes of composite median eddy length (Figure S3), and this produces qualitatively similar results to
Figure 2b. Within each bin of extreme ascent, the mean value of L2e is indicated by the black lines in Figures 3a
and 3b. We refer to these as the characteristic curves of L2e .
TANDON ET AL.
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Figure 3. Two-dimensional probability distributions of extreme ascent (vertical axis) and the square of eddy length
(horizontal axis) on days of JJA extreme precipitation over (a, c) Eastern Europe and (b, d) North America during (a, b)
1981–2000 and (c, d) 2081–2100 from the CanESM2 large ensemble. Samples are drawn from the regions bounded by
the gray boxes in Figure 2a. The sample size is greater than 38,000 in all panels. Also shown are the composite mean
values during 1981–2000 (circles) and 2081–2100 (triangles). The black characteristic curves in panels (a) and (b) indicate
the mean L2e values within each bin of extreme ascent. The triangles in panels (c) and (d) are reproduced in panels (a)
and (b) to facilitate comparison between the historical and future composite means.

In a warmer world, the L2e distributions become wider with higher composite mean values, while the distributions of extreme ascent become narrower with weaker (less negative) composite mean values (Figures 3c
and 3d). Furthermore, the composite mean values in the future (triangles) lie approximately along the L2e characteristic curves of the historical distributions (Figures 3a and 3b). This means that the response of extreme
ascent to a climatic change in eddy length can be approximately predicted from the structure of the historical joint distribution of extreme ascent and L2e . This quantitative agreement provides additional evidence that
the climatic changes of extreme ascent shown in Figure 2a are indeed resulting from changes in eddy length.
Furthermore, this means that the diabatic heating feedback that acts to amplify climatic changes of extreme
ascent is also relevant when there are natural variations in eddy length. This motivates additional work to
understand the factors that influence the shape of the extreme ascent-eddy length squared joint distribution.
Our analysis thus far has been limited to output from CanESM2. We have found that our key results are reproducible in other models. In a four-member ensemble of IPSL-CM5A-LR, there is a projected decrease in JJA
extreme precipitation over substantial portions of Eurasia and North America that is associated with weakening of extreme ascent and increases in eddy length (Figures S4a–S4c). As with CanESM2, we have performed
additional analysis of JJA mean vertical velocity (not shown), showing that eddy length is likely the cause
(rather than the consequence) of the changes in extreme ascent. Over the North Pacific, however, the changes
in extreme ascent and eddy length appear to be out of phase with each other. Thus, in this region in this particular model, the eﬀect of eddy length on extreme ascent may be nonlocal or there may be other processes
driving extreme ascent changes. There is overall more spatial noise in the IPSL-CM5A-LR results compared to
those of CanESM2 because of the smaller ensemble size.
The precise locations of extreme precipitation decrease in IPSL-CM5A-LR are diﬀerent from those in CanESM2.
For example, in IPSL-CM5A-LR there is a projected decrease of JJA extreme precipitation over central Eurasia
(Figure S4a), whereas in CanESM2, there is a projected decrease over western Europe (Figure 1a). This indicates
that the way in which thermodynamic and dynamical eﬀects combine in particular regions depends on the
model. As in T2018, our own examination of individual model realizations (not shown) suggests that such
large-scale diﬀerences in extreme precipitation projections are unlikely to result from just internal variability.
TANDON ET AL.
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We reach similar findings when combining output from 24 models participating in CMIP5 (see section 2 for
details). That is, there is weakening of extreme ascent over most of NH (likely resulting from increases in eddy
length), which leads to projected decreases (or weak increases) in JJA extreme precipitation over Eurasia
and North America (Figures S4d–S4f ). These findings provide additional confirmation that the mechanisms
at work in CanESM2 are also at work in other models.

4. Discussion and Concluding Remarks
Our analysis above presents strong evidence that projected increases in eddy length lead to weakening
of extreme ascent over most of NH during the summer season. This weakening of extreme ascent results
in extreme precipitation intensity projections that are weaker or opposite in sign to the positive changes
expected from thermodynamic eﬀects alone. The apparent sensitivity of extreme ascent to projected changes
in eddy length is consistent with the sensitivity apparent from examining internal variability during the historical period. The climatic eddy length changes can in turn be explained in terms of changes in eﬀective
stability, which combines the eﬀects of dry and moist stability.
The role of eddy length found here makes for an interesting contrast with that found by Dwyer and O’Gorman
(2017). On the one hand, an increase in eddy length leads to weaker coupling between convection and the
large-scale circulation, which leads to less intense extreme precipitation (Nie & Sobel, 2016). On the other
hand, when large-scale horizontal advection is strong (e.g., during the winter season), longer eddy length
results in precipitation events having longer duration and hence more accumulated precipitation (Dwyer &
O’Gorman, 2017). It may be the case that, during winter, the convective coupling eﬀect mostly cancels the
large-scale advection eﬀect, which would explain why extratropical all-time extreme precipitation intensity
projections mostly reflect thermodynamic eﬀects (O’Gorman & Schneider, 2009; Pfahl et al., 2017).
As in T2018, our study is limited by its reliance on climate model projections. Verifying the mechanisms discussed here and in T2018 is diﬃcult because of the lack of vertical velocity observations. A typical climate
model has spatial resolution of 100–200 km, and there is a great desire to understand how extreme precipitation will change at finer spatial scales relevant for cities and counties. Outside of the deep tropics, the spatial
scale of extreme precipitation events is heavily influenced by large-scale eddies (Dwyer & O’Gorman, 2017;
T2018), which are an order of magnitude larger than a typical climate model gridbox. Thus, one expects that
in the subtropics and the extratropics, the results shown here and in earlier analyses of global climate models
(Kharin et al., 2013, Pfahl et al., 2017; T2018) are also relevant at finer spatial scales.
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However, even if global climate models properly capture the spatial extent of extreme precipitation events,
they may not accurately capture the influence of convection on these events. Thus, our expectations about
regional changes of extreme precipitation should be verified with model simulations that more accurately
represent convection. This may be accomplished either through improvements in convective parameterization or through simulations at convection-permitting resolution (approximately 4 km or less). Analysis of
higher-resolution regional climate models is an attractive alternative (e.g., Rajczak & Schär, 2017), but the
resolution of these models is typically too coarse to explicitly resolve convection. We have attempted additional analysis of the Canadian Regional Climate Model version 4 at 44- and 22-km resolutions, but the eddy
lengths produced in these simulations showed strong resolution dependence (not shown), and they did not
agree with CanESM2 and theoretical expectations. Additional work is needed to resolve this problem and to
investigate if such issues are also present in other regional climate models. Furthermore, analysis of existing
cloud-resolving simulations (e.g., Prein et al., 2016) may help assess the relevance of large-scale dynamics for
extreme precipitation projections at finer spatial scales.
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S1 Approximations based on the Quasigeostrophic Omega Equation
Much of our analysis of the QG! equation parallels that in T2018. Here, we cover

14

the key points that are distinctive to this study, and the reader is referred to T2018 for

15

additional details. As in T2018, we consider the QG! equation for wave-like disturbances

16

on days of extreme precipitation. Specifically,

17

@pp !E

NE2 !E
1
= @p Adv(⇣E )
2
2
f LE
f

R
RQE
Adv(TE0 ) + 2 2 ,
2
2
pf LE
pf LE

(S1)

18

where N 2 is the dry stability, f is the Coriolis parameter, ⇣ is the anomalous vorticity,

19

and T 0 is the anomalous temperature. Here, Adv is the horizontal advective derivative,

20

defined as Adv(·) = u@x (·)+v@y (·), where x and y are the horizontal coordinates and

21

u and v are the horizontal wind components.
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23

If Hp is the vertical depth of the troposphere and U is the characteristic scale of
horizontal velocity, then following the steps in T2018, we find
Hp L2E @p Adv(⇣E ) ⇠ U 2 ,

24

(S2)

RHp
Adv(TE0 ) ⇠ U 2 ,
pf
RHp QE
RQE
⇠
.
pf
f

25

26
27

(S3)
(S4)

28

Here, we have multiplied all terms by f Hp L2E to facilitate comparison between the terms.

29

In the extratropics at 850 hPa during the summer season, estimates of latent heating dur-

30

ing extreme precipitation events in CanESM2 suggest QE ⇠ 10

31

we expect U ⇠ 1 m s

1

32

to be of order 1 m2 s

2

33

expect the diabatic heating term to dominate over the horizontal advection terms in the

34

extratropics during the summer season. This would not be the case during the winter

35

season, when we expect U ⇠ 10 m s

36

to apply in the extratropics when examining all-time extreme precipitation [T2018].

37

and f ⇠ 10

40

s

1

Ks

1

. Furthermore,

. Therefore, we expect terms (S2) and (S3)

, and we expect term (S4) to be of order 10 m2 s

1

2

. Thus, we

. Thus, we do not expect these scaling arguments

Applying the above scaling arguments, assuming !E is of the form
!E = !e

38

39

4

3

and evaluating (S1) at pm , we obtain
"
2Hp2 L2e
(pm pt )(ps

(p
(pm

pt )(ps
pt )(ps

p)
,
pm )

#
Ne2 Hp2
RHp2 Qe
+
!
=
.
e
pm )
f2
pm f 2

(S5)

(S6)

41

Here, ps and pt are pressure at the surface and the tropopause, respectively. If ps ⇡ 1000 hPa,

42

pm = 850 hPa and pt ⇡ 200 hPa, then 2Hp2 /[(pm pt )(ps pm )] ⇡ 11. Furthermore, if

43

Le ⇠ Ne Hp /f (as dry theory would suggest), then we expect the term in (S6) involv-

44

ing L2e to dominate over the term involving Ne2 . In this case, assuming pt changes are

45

negligible (as in T2018), one can apply a climate change perturbation to (S6) to obtain

46

equation (1) in the main text.

47

As noted in T2018, there are regions where Le is substantially less than Ne Hp /f .

48

Nonetheless, the case of Le ⇠ Ne Hp /f captures the key terms needed to explain re-

49

gional climatic changes of extreme ascent. As noted in the main text, we have tested in-

50

cluding additional contributions from climatic changes in horizontal advection, dry sta-

51

bility and tropopause height, and these did not improve our ability to explain changes

52

in extreme ascent.
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Figure S1.

(a) The composite mean climatic fractional change in the 10-year maximum of

54

JJA daily precipitation from the CanESM2 large ensemble. (b) As in (a) for the 20-year maxi-

55

mum of JJA daily precipitation.
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Figure S2.

The composite mean climatic fractional change of e↵ective stability averaged over

57

900 to 800 hPa from the CanESM2 large ensemble, holding the composite mean relative humidity

58

fixed at its historical value. Only latitudes north of 20 N are shown. Regions where the pressure

59

at the surface is less than 850 hPa are colored white.
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Figure S3.

The composite median climatic fractional change of eddy length squared from the

61

CanESM2 large ensemble. Only latitudes north of 20 N are shown. Regions where the pressure

62

at the surface is less than 850 hPa are colored white.
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Figure S4.

The composite mean climatic fractional changes of (a) JJA extreme precipitation

64

(b) extreme ascent at 850 hPa and (c) eddy length squared from a four member ensemble of

65

IPSL-CM5A-LR. (d-f) as in (a-c) but for the composite mean of 24 CMIP5 models. (See section

66

2 of the main text for additional details.) For clarity, the changes in panels c and f are multiplied

67

by 3. Only latitudes north of 20 N are shown. Regions where the pressure at the surface is less

68

than 850 hPa are colored white.
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